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Abstract
In situ observations of the perovskite–CaIrO3 phase transition in MgSiO3 and in pyrolitic compositions were carried out
using a laser-heated diamond anvil cell interfaced with a synchrotron radiation source. For pure MgSiO3, the phase boundary
between the orthorhombic Mg-perovskite and CaIrO3-type phases in the temperature range of 1300–3100 K was determined
to be P (GPa) = 130 (F 3) + 0.0070 (F 0.0030)  (T  2500) (K) using platinum as a pressure calibrant. We confirmed that the
CaIrO3-type phase remained stable up to pressures of at least 156 GPa and temperatures of 2600 K. The consistency of our
results with previous theoretical calculations leads us to conclude that the 2700 km seismic discontinuity at the bottom of the
lower mantle can be attributed to a phase transition to the CaIrO3-type phase. The phase change from an orthorhombic Mgperovskite to a CaIrO3-type bearing assemblage in a pyrolitic mantle composition was also observed at P = 125 GPa, which
corresponds to the same mantle depth as the seismic discontinuity. The phase boundary between the orthorhombic Mgperovskite and CaIrO3-type bearing assemblage was determined to be P (GPa) = 124 (F 4) + 0.008 (F 0.005)  (T  2500) (K)
using gold as a pressure calibrant. This transition boundary indicates that the temperature at a depth of 2700 km is about
2600 K, and the adiabatic temperature gradient in the lower mantle is estimated to be 0.31 K/km. The partition coefficients
and the effect of some elements on the phase equilibrium between the orthorhombic MgSiO3 perovskite and CaIrO3-type
MgSiO3 were estimated from ab initio calculations. Our experimental and theoretical results indicate that the DW layer
consists of a CaIrO3-type bearing assemblage which is likely to have significant effect on the chemical and thermal evolution
of the Earth’s mantle.
D 2005 Elsevier B.V. All rights reserved.
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1. Introduction
From seismic observations, it is well known that a
boundary between the solid silicate mantle and the
liquid iron core (CMB) exists at a depth of 2900 km.
Recent seismic studies have shown that the region
above the CMB, called the DW layer, contains strong
seismic anomalies. The seismic discontinuity, anisotropy, and an anticorrelation between the observed
shear and bulk sound velocities have been reported
[e.g., [1–8]]. Many researchers have tried to explain
these seismic properties at the DW layer using various
models, such as phase transitions, partial melt, chemical heterogeneity, mineralogical anisotropy, and
small-scale convection [e.g., [9–13]]. Recently,
anomalies in the electrical conductivity at the base
of the lower mantle have also been observed [e.g.,
[14,15]]. Mineralogists have expended enormous effort to solve these enigmas. From the viewpoint of
mineralogy and petrology, the Earth’s lower mantle
is believed to be composed mainly of Fe- and Albearing Mg-perovskite, which has an orthorhombic
symmetry. Many experimental studies have indicated
that orthorhombic Mg-perovskite of both pure and
natural mantle compositions is stable at pressures
corresponding to those found in the lower part of
the lower mantle [e.g., [16–22]]. In contrast, a postperovskite phase transition was reported in iron oxide,
Fe2O3 [23]. It is known that a large amount of Fe2O3
can be dissolved in MgSiO3 perovskite [24,25]. Ono
et al. [23] observed that Fe2O3, like MgSiO3, transforms from the corundum (ilmenite) structure to the
perovskite (or Rh2O3(II)) structure under pressure.
An analogous phase transition seems to contribute to
the high solubility of Fe2O3 in MgSiO3 perovskite.
Moreover, on further compression above pressures
of 60 GPa, a new post-perovskite type Fe2O3 phase
with an orthorhombic (Cmcm) CaIrO3-type structure,
becomes stable [26]. Therefore, the same structure
seemed to be likely stable for MgSiO3 at high pressures. Recently, this pioneering idea was confirmed by
theoretical and experimental studies [27–30]. The
transition depth from the orthorhombic Mg-perovskite
to the CaIrO3-type phase matched that of the observed
seismic discontinuity at the DW layer [27]. Using ab
initio calculations, previous studies [27,28] reported
the Clapeyron slope of this transition to be 8–10 MPa/
K, a value that is not constrained by the experimental
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study. In natural mantle compositions, orthorhombic
Mg-perovskite and CaIrO3-type phases are likely to
contain other components, such as FeO, Fe2O3, and
Al2O3, and the effect of impurities on the transition
pressure is unknown.
In this study, we used a double-sided laser heated
diamond anvil cell (DAC) that was subjected to intense X-rays from a synchrotron radiation source at
SPring-8 facility in Japan, which made it possible to
acquire precise data on a sample under high pressures
and high temperatures. We report on the results of in
situ X-ray observations of the phase boundary between orthorhombic perovskite and the CaIrO3-type
phase in MgSiO3 and KLB-1 peridotite, which have
similar compositions to pyrolite. We also investigated
the effect of impurities on the transition pressure, and
we discuss the relationship between the phase boundary determined by our experiments and the seismic
observations of the discontinuity at the DW layer.

2. Methods
2.1. High-pressure experiments
Enstatite and synthetic gel powder were used as the
starting materials in the MgSiO3 experiments. In the
case of the natural mantle composition experiments,
only synthetic gel was used. The chemical composition of this gel was similar to KLB-1 peridotite, and
the composition was confirmed using XRF analysis
(Table 1). High-pressure X-ray diffraction experiments were performed using a double-sided laser
heating diamond anvil cell (DAC) system. A symmetric-type diamond cell (SYNTEC Co. Ltd., Japan) with
608 conical apertures was used [31]. Cubic boron
Table 1
Comparison of chemical compositions of pyrolite, KLB-1 peridotite, and the starting material

SiO2 (wt.%)
TiO2
Al2O3
FeOa
MgO
CaO
Na2O
a

Pyrolite

KLB-1

SM

46.1
0.2
4.3
8.2
37.6
3.1
0.4

44.8
0.2
3.6
8.2
39.5
3.5
0.3

45.5
0.2
3.3
8.2
38.3
3.6
0.3

All iron has been calculated as FeO.
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Fig. 1. Schematic illustration of the high pressure–temperature Xray diffraction system. (1) diamonds, (2) Re gasket, (3) YLF or
YAG lasers, (4) incident X-ray, (5) diffracted X-ray, (6) argon
pressure transmitting medium, (7) sample.

nitride seats were used in the DAC because of the
hardness of CBN, and its X-ray transparency, which
allowed for a large opening angle for the scattered Xrays. Fig. 1 is a schematic drawing of the experimental
set-up. The synthetic powdered sample was loaded
into a 50–100 Am diameter hole that was drilled into a
rhenium gasket using an excimer laser. The sample
powder was mixed with platinum or gold powder,
used as an internal pressure calibrant. These powders
were mechanically ground in an agate mortar for
several hours to ensure homogeneity and a small
grain size. The volume fractions of platinum and
gold employed in our study were higher than those
used in the conventional DAC experiments. Therefore, the diffraction peaks of platinum or gold were
more intense than those of the sample or the argon
pressure transmitting medium. These intense platinum
and gold peaks allowed for reliable pressure determination. The sample was pressed into a disc to a
thickness of less than 15 Am. Argon was cryogenically loaded into the sample chamber, acting as a pressure transmitting and thermally insulating medium.
The argon reduced any deviatoric stress and temperature gradients occurring across the sample. No pressure transmitting medium was used in the KLB-1
peridotite experiments, because the intensity of the
X-ray diffraction patterns was weak and good quality

data could not be acquired. The samples were heated
using the TEM01-mode of a YLF laser or multi-mode
YAG laser to overcome any potential kinetic effects
on the possible phase transitions. The size of the laser
spot was 20–30 and 50–100 Am for the YLF and YAG
lasers, respectively. But the size of the high-temperature region was smaller than that of the laser spot.
Examples of typical temperature profiles are shown in
Fig. 2. The laser beam was not scanned to heat the
sample, because scanning leads to the complicated
temperature history during the heating, and thus promotes inhomogeneity of the chemical equilibrium in
the sample. The sample temperature was measured
using the spectroradiometric method [21,32]. The
spectroradiometric data collection system consisted
of a thermoelectrically cooled CCD detector (Princeton Instruments, HAM 256x1024, USA) and a spectrograph (Acton Research, SpectraPro-150, USA).
The spectrometer allowed us to measure the temperature profile across the laser-heated spot. The entrance
slit of the spectrograph is used to select a thin line that
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Fig. 2. Examples of temperature fluctuation and profiles during laser
heating for KLB-1 peridotite sample. a, Plotted temperatures were
obtained at the center of X-ray beam during the heating with the
constant laser power. Temperatures were measured at both sides of
the sample. X-ray diffraction data was acquired from 2 to 8 min
after the desired temperature achieved. After being kept at the
desired pressure and temperature for the desired duration, the sample was quenched by cutting off the laser power supply. b, Examples
of temperature profiles with the YAG laser for KLB-1 peridotite
were measured from both sides of the sample.
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traverses the laser spot. A temperature profile across
the hotspot was measured at 2.5 Am step. To accurately adjust the center of the heated spot in the
entrance slit of the spectrograph, the small pinhole
reference was put in the sample holder before experiments. The image of the pinhole was monitored by the
spectrograph. According to this image, we could set
the pinhole position at the optimum entrance slit
position, and then, the laser beam could be aligned
with the sample in the optimum entrance slit position
using the photograph of the sample. The temperature
was determined by fitting the thermal radiation spectrum between 600 and 800 nm to the Planck radiation
function. When the difference between the reference
of grey body spectrum and the spectrum from the
sample is large, the temperature estimation is not
reliable. Therefore, we adopted only calculated temperatures which show that the correlation factor between the ideal and the observed spectrums was
higher than 80%. The system response was calibrated
using a tungsten ribbon lamp (OL550, Optronic Laboratories, USA) with known radiance, and the temperature uncertainty was within 30 K. The pressure
was determined from the observed unit cell volumes
of platinum or gold using the known equations of state
of platinum or gold. The uncertainty in the pressure
value is related to the experiment temperature because
of the use of the EOS for platinum or gold. The
samples were probed using an angle-dispersive Xray diffraction technique at the synchrotron beam
line at the BL10XU, SPring-8 [26,32]. A monochromatic incident X-ray beam with a wavelength of
k~0.42 Å was used. The X-ray beams were collimated
to a diameter of 10–20 Am, and the angle-dispersive
X-ray diffraction patterns were obtained on an online
imaging plate (Rigaku, Japan) or X-ray CCD detector
(Bruker, Germany). The sample positioning and laser
beam alignment can be done precisely as follows.
First, we set the DAC on the stage, and adjusted the
sample position into focus of the CCD monitors.
Next, using the DAC positioning system, we adjusted
the sample position to the X-ray beam position precisely. We monitored the X-ray beam intensity distribution transmitted through the DAC by scanning the
DAC. The shape of the sample and the gasket hole
were reflected in the obtained two-dimensional map
of the transmitted X-ray intensity, by which we could
set the sample on the X-ray beam position. The pre-
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cision of the relative sample position to the X-ray
beam was within 5 Am. Finally, we made refinements
of laser beam focus and its position toward the adjusted sample position [26]. The observed intensities
on the imaging plates were integrated as a function of
2h using the ESRF Fit2d code [33] to obtain conventional, one-dimensional diffraction profiles.
2.2. Computational methodology
We have explored the incorporation of divalent
impurities (M = Fe2+, Ca2+, Sr2+, Ba2+, and Be2+)
into the perovskite- and CaIrO3-type phases of
MgSiO3 by comparing the enthalpies of the following
reactions at a pressure of 120 GPa:
MgSiO3 ðperovskiteÞ þ xM O
¼ ðMg1  x M x ÞSiO3 ðperovskiteÞ þ xMgO

ð1aÞ

MgSiO3 ðCaIrO3  typeÞ þ xMO
¼ ðMg1 x M x ÞSiO3 ðCaIrO3  typeÞ þ xMgO:
ð1bÞ
The enthalpy difference between these reactions is
directly related to the partition coefficient of M 2+
between the two MgSiO3 phases (Kc exp B DH/k B T ).
To calculate these enthalpy differences (DH), one
needs the enthalpies of the pure and M 2+-doped
MgSiO3 phases, which were calculated using large
160-atom supercells (4  1  2 for the CaIrO3-type
post-perovskite, 2  2  2 for the perovskite phase),
using the C-point for Brillouin zone sampling, a 600
eV plane-wave cut-off and a 2400 eV cut-off for the
augmentation charges. Calculations were performed
within the generalized gradient approximation
(GGA, [34]) using the all-electron PAW method
[35,36] as implemented in the VASP code [37]. The
PAW potentials had [He] core (radius = 1.52 a.u.) for
O, [Ne] core (1.5 a.u.) for Si, [Be] core (2.0 a.u.) for
Mg, [He] core (1.8 a.u.) for Be, [Ne] core (2.3. a.u.)
for Ca, [Ar]3d10 core (2.5 a.u.) for Sr, [Kr]4d10 core
for Ba (2.8 a.u.), [Ar] core (2.3 a.u.) for Ni, [Ne]3s2
core (2.2 a.u.) for Fe. Both magnetic and non-magnetic states were studied for the Ni2+ and Fe2+ impurities, and in all cases, the magnetic (high-spin) states
were preferred at pressures of 120 GPa. The results are
summarized in Table 2.
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Table 2
Energetics of incorporation of divalent impurities and coupled Al–
Al substitutions into perovskite- and CaIrO3-structured phases of
MgSiO3 at 120 GPa
Cation
2+

Be
Ca2+
Sr2+
Ba2+
Ni2+
Fe2+
Al3+–Al3+

DH pref, eV

K pv  ppv

0.821
0.154
0.925
2.271
0.397
0.239
0.286

0.092
0.64
0.068
0.0014
0.32
2.00
0.44

Positive values of DH pref indicate better solubility in perovskite.
The uncertainty of DH pref is about 10%.
Partition coefficients at 4000 K are given.

Our ab initio molecular dynamics simulations were
performed using the NVT-ensemble [38] for five different volumes (corresponding to static pressures of 0,
40, 80, 120, and 160 GPa) at temperatures of 1000,
3000 and 5000 K. We used 120-atom supercells
(3  1  2), a time step of 1 fs, a plane-wave cut-off
of 500 eV, and the C-point for Brillouin zone sampling; and the simulations were run for at least 1.58 ps
after equilibration. The Grüneisen parameter c(V) was
calculated as in previous studies [39–41] and was
accurately represented by the following function
[42,43]:
 b
V
c ¼ cl þ ð c0  cl Þ
;
ð2Þ
V0
where c 0 (1.553), c l (1.114), and b (4.731) are fitted
parameters, and V 0 (167.67 Å3) was a reference volume (chosen as the theoretical or experimental zeropressure volume). An analogous fit for orthorhombic
Mg-perovskite [40,41] resulted in c 0 = 1.506, c l =
1.14821, b = 7.02469, V 0 = 162.40 Å3.
By combining the static equation of state [27] with
the calculated value of c(V), we were able to determine
the classical Mie–Grüneisen thermal equation of state
that is valid at high temperatures in the DW layer.
PðV ; T Þ ¼ Pst ðV Þ þ cðV Þ

3nRT
:
V

ð3Þ

To counteract any errors in the GGA calculations,
we applied a constant pressure shift of  11.2 GPa to
all the calculated equations of state. The pressure
correction was taken from Oganov et al. [40], and
it takes into account the small difference between the

static equations of state of perovskite reported in
Oganov et al. [40] and in this present work (these
differences result from a different treatment of the
valence wave functions close to atomic nuclei). The
calculated thermoelastic parameters are listed in
Table 3.

3. Results
3.1. MgSiO3
In the first set of experiments, a powdered
MgSiO3 enstatite starting material mixed with platiTable 3
Theoretically predicted physical properties of CaIrO3-type phase of
MgSiO3 and CaIrO3-type phase bearing assemblage of KLB-1
peridotite
MgSiO3
High-T Birch–Murnaghan EOS at 2500 K
V 2500.0 (Å)
175.097
166.911
K 2500.0 (GPa)
KV2500.0
4.473
(dK T / dT)P (GPa K 1) 0.0414
(dKVT / dT)P (K 1)
0.000318
a
Thermal expansiona
b
(10 5 K 1) (10 10 K 2)
At 0 GPa
3.07
0
At 130 GPa
1.17
3.09

c
(10 12 K 3)
3.86
0

KLB-1 peridotite
Density jumpb
a
b
Dq (%)
1.064
21.510 6
Temperature jumpc
DT (K)
40–50
Temperaturesd in the lower mantle (K)
660 km depth
1973
2700 km depth
2600
Adiabatic temperature gradient (K/km)
660 km b depth b
0.31
2700 km
a

Thermal expansion is represented as a = a + bT + cT 2 . These
results were obtained within the classical approximation valid
above the Debye temperature (~1500 K), i.e., at all conditions of
the DW layer.
b
Density jump along the phase boundary; Dq (%) = a + bT (K).
The volume fraction of Fe- and Al-bearing MgSiO3 phase is assumed as 75%.
c
Temperature jump is estimated using thermodynamic data [27].
d
Estimated temperatures were determined by high-pressure experimental constraints based on the seismic discontinuities. 660 km
depth, Ito and Katsura [73]; 2700 km depth, this study.
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PtC420

Pt222
PtC331

B224
Pt311
Au311

Au220

156GPa
2600K

Au311

C152,062,200

Au222

B024
B204

B132

C133,060
C151
Au220
C114

B130,213
B114,222,131
C043

B004,220
B023
B221
C132
C113
C004

B202
B113
B122
B212
C042

C040
C041

C023
C131

Au200

B210
B103,211Au200

Au111
B020

105GPa
1550K

C002

C022
C110

c

C111

Au111

B111

B002,110

B112

b

Au222

PtC220
B023
B221

B120
B210
B103,211
Pt200
B113
B122

B020

PtC200,B112
B200 Pt111

PtC111

113GPa
1700K

B111

B002,110

B130,213
B114,131
PtC311
B132
PtC222
Pt220
B204

and to overcome potential kinetic effects on possible
phase transitions. During heating, new diffraction
peaks appeared in the diffraction patterns at P = 113
GPa and T = 1700 K (Fig. 3a). Most of the new
diffraction peaks were reasonably indexed to the
orthorhombic perovskite structure (Pbnm). However,
some peaks did not belong to the orthorhombic
MgSiO3 perovskite structure. These unassigned
peaks remain on decompression to ambient pressure.
These peaks exhibited a different pressure shift from
those of the MgSiO3 phase. The lowest diffracted

num was used. The pressure was increased directly
to about 100 GPa at room temperature, and an X-ray
diffraction pattern of the sample was recorded. No
MgSiO3 or argon peaks could be identified, and only
broad platinum X-ray diffraction peaks were observed. This indicated that a strain-broadening of
the diffraction peaks had occurred, which was the
result of large differential stresses that were induced
in the diamond anvil cell experiments as the pressure
increased. After the desired pressure was achieved,
the sample was heated to relax the differential stress

a
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Fig. 3. Examples of observed X-ray diffraction patterns of high pressure forms in MgSiO3. a, orthorhombic perovskite phase (Pbnm) at 113 GPa
and 1700 K; b, orthorhombic perovskite phase (Pbnm) at 105 GPa and 1550 K; c, CaIrO3-type phase (Cmcm) at 156 GPa and 2600 K. In
bottom figure, vertical bars indicate the calculated positions of the diffraction lines of each phase. The sample was mixed with platinum powder
in only Fig. 2a. In other runs, the sample was mixed with gold powder. Abbreviations of peak labels are as follows: B, orthorhombic perovskite;
C, CaIrO3-type phase; Pt, platinum; Au, gold; PtC, platinum carbide.
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Table 4
Experimental results for MgSiO3
P (GPa)

T (K)

Result

P (GPa)

T (K)

Result

112.5(1.4)
113.3(1.5)
114.6(1.4)
115.7(1.5)
117.2(1.5)
118.9(1.4)
119.9(1.4)
120.1(1.4)
120.9(1.4)
121.3(1.4)
121.7(1.4)
123.0(1.5)
126.1(1.5)
127.2(1.4)
127.4(1.4)
127.3(1.4)
127.8(1.4)
128.6(1.5)
128.8(1.4)
129.0(1.4)
129.2(1.8)

1900(200)
2130(220)
2190(200)
2520(220)
2300(210)
2240(210)
2060(200)
2570(200)
2770(200)
2620(200)
2520(200)
2930(220)
1600(210)
2360(200)
1970(200)
2070(200)
1820(200)
2780(220)
1620(200)
1890(200)
3100(260)

A
A
A
A
A
A
A
A
A
A
A
A
B
A
B
B
B
A
B
B
A

129.9(1.4)
129.9(1.5)
130.4(1.4)
130.4(1.4)
130.5(1.5)
130.5(1.4)
130.7(1.4)
131.2(1.4)
131.2(1.9)
131.3(1.4)
131.5(1.7)
131.5(1.4)
131.6(1.4)
131.9(1.4)
132.0(1.5)
132.3(1.4)
132.4(1.4)
132.4(1.4)
133.0(1.7)
133.3(1.5)
133.3(1.6)

1510(200)
2090(210)
1660(200)
1830(200)
1750(210)
1940(200)
1620(200)
1860(200)
2210(270)
1620(200)
1740(240)
1870(200)
1890(200)
1720(200)
1780(210)
2770(200)
1570(200)
1620(210)
2030(240)
2360(220)
3350(230)

B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
B
A

Abbreviations are as follows: A, orthorhombic perovskite phase; B,
CaIrO3-type phase.

angle of the unassigned peaks was 2h = 9.148
(d = 2.60 Å). This has also been reported by Shim
et al. [30,44]. They concluded that the appearance of
this peak indicated a phase transition from the
MgSiO3 perovskite structure to a new high-pressure
phase. In our experiments, we could identify several
peaks from the unassigned phase in addition to the
2.60 Å peak. Same unassigned peaks have also been
reported at higher pressures coexisting with the
peaks from the CaIrO3-type MgSiO3 phase [27].
Although Shim et al. [30,44] claimed that the unassigned peaks belonged to a new high-pressure
MgSiO3 phase, our results show that these unassigned peaks are not related to MgSiO3. To verify
our proposition, we performed additional runs under
different experimental conditions. In our additional
experiments, we replaced the platinum calibrant with
gold, and did not use any argon pressure transmitting
medium. Fig. 3b shows the diffraction pattern of
these new experiments. The unassigned peaks did
not appear at P = 105 GPa and T = 1550 K, corresponding to the orthorhombic perovskite stability
field. Moreover, we performed experiments at
higher pressures using the gold pressure standard

at P = 156 GPa and T = 2600 K, which corresponds
to the CaIrO3-type phase stability field. Fig. 3c
shows that unassigned peaks disappeared in the
CaIrO3-type phase stability field. These results indicate that unassigned peaks were somehow related
to platinum, because argon is chemically stable. The
unassigned peaks were reasonably well indexed to a
cubic symmetry with an NaCl-type structure. The
bulk modulus, K 0, of the NaCl-type phase at 0 GPa
was about 300 GPa [31], which is much higher than
that of MgSiO3 perovskite (~260 GPa) reported in
previous studies [e.g., [19,45]]. The unit cell parameter at ambient pressure and temperature was
a = 4.813 Å. Many metal carbides exhibit the
NaCl-type structure with a similar cell parameter
[e.g., [46]]. Therefore, the unassigned peaks were
assigned to platinum carbide (PtC). During laser
heating, platinum mixed with the sample was therefore likely to react with the carbon on the surface of
the diamond anvils.
A similar heating method using argon pressure
transmitting medium was used in the other runs. Our
results for the orthorhombic perovskite and CaIrO3type stability regions are summarized in Table 4 and
Fig. 4. The dP / dT slope of the phase boundary was

Fig. 4. Experimental results of in situ X-ray observation using the
equation of state of platinum. Solid circles and squares represent
conditions where orthorhombic perovskite and CaIrO3-type phase,
respectively, were stable. Solid triangles are from Oganov and Ono
[27]. Thick line is the inferred phase boundary between orthorhombic perovskite and CaIrO3-type phases in MgSiO3.
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B004,220
Cp200

B210
B121

B120

Cp110
B020

B111

B110,002

B200

B112

Au111

Experiments for the KLB-1 peridotite composition,
which is similar to pyrolite, were conducted at pressures of 108 to 130 GPa and temperatures of 1700 to
2600 K. The pressure was calculated using the EOS

B122

3.2. KLB-1 peridotite

B212

based on the equation of state (EOS) of platinum [47].
When the electronic thermal pressure correction of the
EOS of platinum [48] was used, the boundary shifted
about 1 GPa to the high-pressure side. In contrast,
using other EOS for platinum [49] moved that the
boundary to lower pressures than that of Holmes’s
EOS. The difference in pressure between the equation
of state by Holmes et al. [47] and that of Jamieson et
al. [49] was about 4 GPa.

Au200

 ðT  2500ÞðKÞ

B202
B113

PðGPaÞ ¼ 130ðF3Þ þ 0:0070ðF0:0030Þ

B103 B211

for gold [49]. In the first run, the pressure was increased directly to 97 GPa, and the sample was then
heated while the X-ray diffraction patterns were
recorded (Fig. 5). Typical heating durations employed
were 10–20 min. During heating, the pressure increased to 108 GPa at 1900 K. This pressure increase
was likely to have been due to thermal expansion,
because the volume of the gold had nearly the same
value both before and during heating. The KLB-1
peridotite composition sample crystallized into an
assemblage of orthorhombic Mg-perovskite + cubic
Ca-perovskite + ferropericlase. This result is in close
agreement with those of previous quench experiments
using both multi-anvil presses and DACs [e.g.,
[18,50,51]]. However, diffraction peaks of ferropericlase were ambiguous, because diffraction peaks of
orthorhombic Mg-perovskite interfered with those of
ferropericlase. Then, the sample was compressed
again and heated to 2400–2600 K. The orthorhombic
Mg-perovskite remained stable up to 123 GPa and
2600 K. In a second set of experiments, the sample
was compressed to around 105 GPa and then heated to

positive. The transition boundary shown in Fig. 4 is
represented by the linear equation
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Fig. 5. Examples of observed X-ray diffraction patterns of KLB-1 peridotite. a, Fe- and Al-bearing perovskite assemblage at 108 GPa and 1900
K; b, CaIrO3-type phase bearing assemblage at 115 GPa and 300 K after the heating. Abbreviations of peak labels are as follows: B, Fe- and Albearing perovskite; C, CaIrO3-type phase; Cp, cubic Ca-perovskite; Au, gold.
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2050 K. The X-ray diffraction patterns showed that an
orthorhombic Mg-perovskite bearing assemblage was
present. Then, the sample was compressed and heated
to 120 GPa and 1700 K. We observed new peaks,
which indicated that the CaIrO3-type phase, appeared
from the KLB-1 peridotite composition. The same
heating method was performed in other heating
cycles. The CaIrO3-type phase assemblage remained
stable up to 130 GPa and 2500 K.
Our results for the orthorhombic perovskite and
CaIrO3-type stability regions using the KLB-1 peridotite composition are shown in Table 5 and Fig. 6.
The value of dP / dT slope of the phase boundary was
about 8 MPa/K. The transition boundary shown in
Fig. 6 is represented by the linear equation
PðGPaÞ ¼ 124ðF4Þ þ 0:008ðF0:005Þ
 ðT  2500ÞðKÞ
based on the equation of state (EOS) of gold [49].
Assuming the average depth of discontinuities above
the DW layer to 2700 km, which corresponds to a
pressure of 125 GPa, the phase transition from the
orthorhombic Mg-perovskite-to CaIrO3-type phase
bearing assemblage is likely to occur at 2600 K. It
is known that the difference between the EOS for
gold reported by previous studies is not negligible
[e.g., [52,53]]. Experimental pressures based on EOS
of gold by Anderson et al. [54] and Shim et al. [55]
are several GPa lower than those using Jamieson’s.
In contrast, Tsuchiya’s EOS of gold [56] is several
GPa higher than Jamieson’s EOS. Pressures based

Table 5
Experimental results for KLB-1 peridotite

Fig. 6. Experimental results of in situ X-ray observation using the
equation of state of gold. Solid squares and circles represent conditions where Fe- and Al-bearing Mg-perovskite assemblage and
CaIrO3-type phase bearing assemblage, respectively, were stable.
Solid triangles are from Ono et al. [21]. Dashed line represents
phase boundary between Fe- and Al-bearing Mg-perovskite and
CaIrO3-type phase bearing assemblages in KLB-1 peridotite.
Thick lines are as follows: a, LDA calculation [27]; b, seismic
observations [4]; c, GGA calculation [27]; d, experimental results
of pure MgSiO3 in this study. The inferred phase boundary between
orthorhombic perovskite and CaIrO3-type phases in MgSiO3.

on Heinz’s EOS [57] generally agree with those
based on Jamieson’s EOS. To fix the phase change
from the orthorhombic Mg-perovskite-to the CaIrO3type phase bearing assemblage at the lowermost part
of the lower mantle, it is therefore necessary to
improve the experimental method to address the
above problems.

4. Discussion

P (GPa)

T (K)

Result

107.8(2.8)
112.8(2.2)
117.6(2.8)
120.3(2.2)
120.8(1.7)
121.0(2.4)
121.9(4.3)
123.0(2.6)
125.8(1.6)
126.3(2.5)
129.9(2.5)

1880(360)
1950(280)
2050(350)
1680(280)
1910(220)
2470(310)
2410(550)
2630(330)
2000(200)
2690(310)
2490(310)

A
A
A
B
B
A
A
A
B
B
B

Abbreviations are as follows: A, orthorhombic perovskite bearing
assemblage; B, CaIrO3-type bearing assemblage.

Although it is widely believed that the Earth’s
lower mantle is composed of an orthorhombic Feand Al-bearing Mg-perovskite dominated assemblage,
our results indicate that the CaIrO3-type phase bearing
assemblage exists at the base of lower mantle (i.e., DW
layer). Fig. 7 shows a schematic drawing of the
mineral constitution of the Earth’s mantle. According
to previous multi-anvil experiments [e.g., [50,58,59]],
it is recognized that Mg2SiO4 polymorphs, such as
olivine, wadsleyite, and ringwoodite, are major constituents of the upper mantle and the transition zone.
The mineral assemblage of the lower mantle seems to
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Fig. 7. Phase relations of pyrolitic mantle composition as a function of depth. A high-spin to low-spin transition of iron in ferropericlase was
reported by Badro et al. [61]. The phase transition Ca-perovskite from cubic to tetragonal structure was observed by Ono et al. [21]. The stability
field of CaIrO3-type phase of Fe- and Al-bearing MgSiO3 composition was determined in this study.

be orthorhombic Mg-perovskite, cubic Ca-perovskite,
and ferropericlase. Recent DAC studies reported on
the possibility of a phase transition of Ca-perovskite
and ferropericlase. Using the precise angle-dispersive
X-ray diffraction measurements, Shim et al. [60]
found that pure CaSiO3 perovskite has a tetragonal
structure at room temperature. Ono et al. [21] observed that the cubic-tetragonal transition of Ca-perovskite in the peridotite composition occurred at high
pressures and high temperatures, but the transition
temperatures were much lower than those typical in
the mantle geotherm. Therefore, this structural phase
transition cannot occur in the lower mantle, and Caperovskite exhibits the cubic structure. Experiments
indicate that a high-spin to low-spin transition in
ferropericlase occurs at high pressures [61]. Badro et
al. [61] reported this transition occurring at P = 60–70
GPa, corresponding to a depth of 2000 km in the
lower mantle. However, Badro et al.’s measurements
were performed only at room temperature. It is
therefore necessary to perform further studies to
assess the occurrence of the high-spin to low-spin
transition at high pressures and high temperatures
corresponding to those of the actual lower mantle
conditions. At the base of the lower mantle, cubic
Ca-perovskite and ferropericlase remain stable. In
contrast, orthorhombic Mg-perovskite transforms to
the CaIrO3-type phase at the DW layer, which causes

interesting features [27], such as seismic anisotropy
[5], discontinuity [1,4], and an anticorrelation between the bulk and shear sound velocities [6,8].
Previous studies have reported on the decomposition
of MgSiO3 perovskite at pressures corresponding to
those of the lower mantle [62,63]. However, recent
theoretical and experimental studies suggest that the
mixture of a two-oxide assemblage, MgO and SiO2,
is not stable throughout the pressure-temperature
regime of the lower mantle [e.g., [17,18,20,21,64]].
The decomposition of MgSiO3 perovskite due to
incongruent melting and the diffusion of MgSiO3
perovskite in huge temperature gradient have been
observed [65].
In the natural mantle composition, the orthorhombic Mg-perovskite and CaIrO3-type phases are not
likely to have the pure MgSiO3 composition. It is
known that orthorhombic Mg-perovskite contains significant FeO, Fe2O3, and Al2O3 components in the
peridotite composition [e.g., [24,25,51,66,67]]. These
components cause a shift in the phase boundary
between the orthorhombic Mg-perovskite and the
CaIrO3-type phase. Table 2 shows the difference in
enthalpy between the reactions depicted in Eqs. (1a)
and (1b) for some elements involved in these reactions. Surprisingly, we find that all divalent impurities,
except for Fe2+, are much more soluble in the perovskite phase. For Fe2+ doping, we found that in both
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the perovskite and the CaIrO3-type structures, the
high-spin Fe2+ configuration was more stable at 120
GPa than the low-spin configuration. This conclusion
is important for mantle chemistry, and will be only
reinforced by the inclusion of on-site electron correlations (using such methods as DFT+U) that were omitted in our pure density-functional treatment. The
partition coefficients indicate that the incorporation
of FeO into MgSiO3 stabilizes the CaIrO3-type phase,
while the opposite effect is seen for CaO. A recent
theoretical study on the high-pressure phase of Al2O3
has interesting implications for the incorporation of
Al2O3 in MgSiO3 phases [68]. It was found that even
though Al2O3 in the CaIrO3-type structure is more
stable than in the orthorhombic perovskite structure
above ~80 GPa, the Al2O3 component prefers to dissolve in the perovskite MgSiO3 phase (see Table 2).
Fig. 8a shows schematic phase diagrams of the
MgSiO3–Al2O3 system. The transition pressure
increases as the Al2O3 component enters into the
MgSiO3, because the Al2O3 content of the CaIrO3type phase is lower than that of the coexisting perovskite phase. In contrast, the transition temperature
decreases as the Al2O3 content increases. Fig. 8b
shows phase diagrams of the MgSiO3–FeSiO3 and
MgSiO3–Fe2O3 systems. In these cases, the incorporation of iron components shows the opposite effect
on the phase transition when compared to the
MgSiO3–Al2O3 system. The CaIrO3-type structure in
Fe2O3 is stable above 60 GPa (Table 6), and it has
been reported that Fe2O3 components readily dissolve
in the MgSiO3 phase [24,25]. This evidence supports
the incorporation of Fe2O3 resulting in the phase
boundary of post-perovskite reaction shifted to
lower pressures. According to the calculated partition
coefficient of FeO (Table 1), the FeO component
prefers to dissolve in the CaIrO3-type phase. The
effect of incorporation of FeO is similar to that of
Fe2O3. It is difficult to predict the effect of all minor
components on the phase boundary, however, because
the incorporation of Al2O3 has an effect opposite to
that of Fe2O3 and FeO. We determined the phase
boundary between orthorhombic Mg-perovskite and
the CaIrO3-type phase both in pure MgSiO3 and for
natural compositions. However, as we used different
pressure standards (platinum or gold) in each experiment, it was difficult to assess the precise shift of this
phase boundary, and consistency between different

pressure standards at high temperatures was not established, although it is recognized that a correct pressure
scale is of fundamental importance for interpreting
geophysical observations using laboratory experimental data obtained at high pressures and temperatures
[53]. If it is assumed that there is no significant
inconsistency between the platinum and gold pressure
standards, then these impurities in natural rock systems are likely to cause a shift of several GPa in the
phase boundary toward low pressures (Fig. 8c).
After the phase change to the CaIrO3-type phase
assemblage has occurred, the mineral constitution
will change. As the Al2O3 content in the MgSiO3
phase will decrease when the phase change occurs,
a certain concentration of this component will enter
into the Ca-perovskite and ferropericlase phases.
However, most of the Al2O3 will dissolve into the
Ca-perovskite phase, because previous studies have
shown that the Al2O3 content of ferropericlase is
negligible [51,67]. Consequently, the mineral proportion of Ca-perovskite phase increases after the
phase change (Fig. 7). In contrast, FeO and Fe2O3
prefer to enter into the CaIrO3-type phase when
compared to the orthorhombic Mg-perovskite
phase. The solubility of iron in Ca-perovskite is
low [51,67]. Therefore, the mineral proportion of
ferropericlase decreases slightly at the phase change.
The change in density of the rock at the bottom of
the lower mantle is due to the change in crystal
structure of the MgSiO3 phases, and also to the
change in the mineral proportions according to the
partition coefficients of aluminium and iron among
the coexisting minerals.
Table 2 shows the physical properties of the
CaIrO3-type phase. The third-order Birch–Murnaghan
equation of state was used to describe the thermoelastic properties of the CaIrO3-type phase. The bulk
modulus (K T0) of the high-pressure phase was, usually,
larger than that of the low-pressure phase. However,
the bulk modulus of the CaIrO3-type phase was lower
than that of the orthorhombic MgSiO3 perovskite
phase. The change in density between the orthorhombic Mg-perovskite and the CaIrO3-type phase bearing
assemblage in the mantle composition was calculated.
The estimated change in density at the phase change
was 1.1% at 0 K. This change in density decreases as
the temperature increases. A numerical study has
reported that a dense layer generated from composi-
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Fig. 8. Schematic phase diagram of MgSiO3S  Al2O3, MgSiO3  FeSiO3, MgSiO3 + Fe2O3, and natural systems at 125 GPa and 2600 K. a,
MgSiO3  Al2O3 system. b, MgSiO3  FeSiO3 and MgSiO3 + Fe2O3 systems. c, pyrolitic mantle composition. PM indicates the pyrolitic mantle
composition. CI and PV represent CaIrO3-type and orthorhombic Mg-perovskite phase, respectively. A pressure and temperature condition of
the phase change from orthorhombic Mg-perovskite to CaIrO3-type phase assemblages was determined in Fig. 5.

tional differentiation in the deep mantle is needed to
explain the thermal history of the Earth [69]. According to our DW layer model, however, such a dense
layer could be formed by the above phase transition.
The temperature difference from a transition from
the orthorhombic Mg-perovskite to the CaIrO3-type
phase bearing assemblage can be estimated using

the calculated thermodynamic properties [27], and is
DT = 50 K. Although the rheological properties of the
CaIrO3-type phase are unknown, the increase in temperature at the phase change may contribute to a
lower viscosity of the DW layer. The viscosity of
ferropericlase is lower than that of the orthorhombic
perovskite phase and thus it will significantly affect
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Table 6
Comparison of phase boundary between the orthorhombic perovskite and CaIrO3-type phases
MgSiO3
Experimenta
Calculationb

a (GPa)

b (MPa/K)

Pressure scale

130
126
122.6
108.3

7.0
6.7
9.56
9.85
8

Pt: Holmes et al. [47]
Pt: Jamieson et al. [49]
GGA
LDA
Thermodynamic analysis

Fe2O3
Experimentc
62
KLB-1 peridotite
Experimenta 124
Observation
Seismicd
123e

2.2
8

Au: Jamieson et al. [49]

6

The phase boundary is represented as P (GPa) = a + b  (T
(K)  2500).
a
This study.
b
Oganov and Ono [27].
c
Ono et al. [26].
d
Sidorin et al. [4].
e
Temperature at the top of the DW layer corresponding to 2700
km depth is assumed as 2500 K.

the deformation in the lower mantle [70]. If the
diffusion creep of ferropericlase becomes dominant
at the base of the lower mantle, then the decrease in
viscosity is less than an order of magnitude as the
mantle temperature increases during the phase transition [71]. It is known that diffusion creep is sensitive
to the grain size of a mineral. If a reduction in grain
size occurs during the phase change, then rheological
softening may occur. In contrast, there is the possibility that the plastic flow properties in the DW layer
are controlled by dislocation creep, which will be
discussed later.
If we assume that the composition of the lower
mantle is the KLB-1 peridotite [72], which has a
similar composition to pyrolite, then the mantle temperature at a depth of 2700 km depth would be
about 2600 K based on observations of the seismic
discontinuity and the phase boundary determined
in this study (Fig. 6). Ito and Katsura [73] reported
that the mantle temperature at a depth of 660 km,
which was determined using the same analogy, was
about 1973 K. According to both estimations, the
average adiabatic gradient of the lower mantle is
0.31 K/km (Table 2), which is consistent with the
value from a thermal model calculated using thermoelastic properties [74].

The phase transition form orthorhombic Mg-perovskite to the CaIrO3-type phase has a large Clapeyron
slope of 7 and 8 MPa/K for pure MgSiO3 and the
pyrolitic mantle composition, respectively. When the
mantle geotherm of the early Earth was much higher
than that of the present Earth, the DW layer did not exit
at the base of the lower mantle. Fig. 9 shows a
schematic temperature profile of the early, present,
and future Earth. After the magma ocean and core
formation events, the temperature at the base of the
lower mantle was outside the stability field of the
CaIrO3-type bearing assemblage. Then, the DW layer
appeared during the cooling of the Earth. Assuming
one model of the thermal history of the Earth [75], the
DW layer was formed ~200 Myr after the formation of
the Earth. When the DW layer became composed of
CaIrO3-type phase bearing rock, the temperature of
the lowermost part of the mantle was too high for the
CaIrO3-type phase to exist, since the temperature
immediately near the CMB was more than 4000 K,
and only the perovskite phase was stable (Fig. 9).
Therefore, the CaIrO3-type phase bearing rock became wedged between orthorhombic Mg-perovskite
bearing rocks (Fig. 10). Recent seismic investigations
into the fine structure at the lowermost few hundreds
km of the mantle have reported that two sharp
changes occur in the seismic velocity [76]. First struc-
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Fig. 9. Geotherms at the core–mantle boundary in the early and
present Earth. Partial melt zone is corresponding to the ultra-low
seismic velocity layer at the base of the lower mantle [91]. Mash
layer consists of the liquid iron and the precipitated crystals [e.g.,
[92]]. Perovskite–CaIrO3 phase boundary in pyrolitic mantle composition was determined in this study. A temperature change at the
phase change was estimated by Oganov and Ono [27]. This figure
indicates that the DW layer grows up during the Earth’s history.
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ture shows a sharp increase 200–300 km above the
CMB. The second structure lies 55–85 km above the
CMB, and is marked by a sharp reduction in velocity.
These seismic structures seem to indicate that a sandwich structure presently exists in the Earth’s mantle
[77]. This sandwich structure will disappear in the
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future, when the temperature of the CMB decreases
to below 4000 K.
From the viewpoint of geochemistry, the formation
of the DW layer is significant. It is recognized that
various geochemical heterogeneities, such as isotope
elements, are observed in the mantle [78]. Most
mantle heterogeneities have been reported from hot
spots, which are likely to originate from the deep
mantle. The circulation of subduction-related materials, oceanic crusts, and sediments, can lead to some
geochemical heterogeneities [78,79]. However, the
heterogeneity of the isotope of noble gases, e.g. the
He3 / He4 ratio, cannot be explained by subductionrelated materials. Observations of high He3 / He4 ratios
indicates that primordial materials exist in the deep
mantle [80,81]. Recently, several models have been
proposed to explain the geochemical constraints on
mantle structures, while simultaneously being consistent with the structure imaged using global seismic
tomography models [82]. We propose a new model
for the formation of the DW layer that employs a
primordial material source at the core–mantle boundary. Fig. 10 shows a schematic illustration of the core–
mantle boundary in the early, present, and future Earth.
During the magma ocean and core formation events,
the lower mantle material was an orthorhombic Mgperovskite bearing assemblage. Radioactive elements,
which determine the isotope heterogeneities, were distributed according to the partition coefficients between
the orthorhombic Mg-perovskite bearing rock and the
iron melt. After the formation of the DW layer, the
radioactive elements were redistributed at the core–
mantle boundary according to the partition coefficients
between the CaIrO3-type phase bearing rock and the
iron melt of the outer core. It is known that incompatible elements prefer to distribute into Ca-perovskite in
Fig. 10. Schematic illustration of the bottom of the mantle in the
early, present, and future Earth. The DW layer did not exist at just
after the Earth formation, because the mantle temperature in the
early Earth was much higher than that in the present Earth. The DW
layer is consist of the CaIrO3-type bearing assemblage. The temperature heterogeneity of the DW layer causes the depth fluctuation
of seismic discontinuity at the top of the DW layer. V SH and V SV
indicate horizontally and vertically polarized shear waves [5]. The
seismic anisotropy shows a flow direction of mantle convection in
the DW layer. Thick arrows are flow directions at bottom of the
lower mantle and the outer core. The creep mechanism of the mantle
material changes from the diffusion creep to the dislocation creep at
the boundary between the lower mantle and the DW layer.
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the lower mantle [83,84]. We expect a strong partitioning of many elements to occur between the perovskite and CaIrO3-type phases (see Table 1, showing
this effect for divalent elements). Therefore, incompatible elements, including radioactive elements (e.g.,
K, U, and Th) would be redistributed between the
mantle and core. The isotope character of CaIrO3type phase bearing rocks will thus be different from
that of orthorhombic Mg-perovskite bearing rocks.
There is a possibility that the indicators from primordial materials, such as a high He3 / He4 ratio, originate
from a chemical interaction between the DW layer and
the outer core. Osmium isotope data from hot spots
suggest the occurrence of a core–mantle interaction
[85]. It is possible that the behaviour of the DW layer
composed of CaIrO3-type phase bearing rock contributes to the chemistry of hot spot magmas. As the
smaller inner planets, such as Mercury and Mars, do
not have a DW layer, the geochemical signature of the
magmas on these smaller planets are different from
that of the Earth.
The DW layer constituted by CaIrO3-type phase
bearing rock plays an important role in the dynamics

of mantle convection and of the thermal history of the
Earth. The phase transition from orthorhombic Mgperovskite to CaIrO3-type phase exhibits a large Clapeyron slope. Therefore, in colder regions, where the
subducted slabs descend into the DW layer, the depth
of the phase transition is much shallower than for
normal geotherm regions. The differences in depth
are 15 and 70 km for temperature changes of 100
and 500 K, respectively. Given that the amplitude of
the topography of the DW discontinuity is about 300
km (equivalent to 15 GPa), the present Clapeyron
slope of 7 MPa/K implies a lateral temperature contrast of ~2100 K near the core–mantle boundary (or
~1600 K using the Clapeyron slope predicted by
Oganov and Ono [27]). This coincides exactly with
the estimate of ~2100 K obtained by Oganov et al.
[40,41] using a completely different and independent
method using seismic tomography maps and mineral–
physics data. The thermal model [74] is shown in Fig.
11. Thus, the density of the colder region comprising
the dense CaIrO3-type phase bearing rock becomes
higher than that of the surrounding mantle. In contrast,
the lower density in the hot region, where upwelling

Fig. 11. Schematic temperature distribution in the lower mantle. Two-headed arrows indicate the maximum temperature contrasts (the lower and
the upper arrows at each depth give the lowest and the highest temperature, respectively). Black and grey lines are adiabats calculated using
Grüneisen parameters of MgSiO3 and MgO, respectively: the difference is small, and the geotherm is well constrained between these lines. The
temperature of the EarthTs core at the boundary with the mantle [93] is indicated. This scheme implies partial melting of the lowermost mantle
limited only to the hottest patches at the boundary with the core — in agreement with seismological evidence [94]. Melting temperature of the
mantle rock was reported by Zerr et al. [95].
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plumes exist, means the depth of the phase transition
is much greater. These effects enhance convection at
the base of the lower mantle. Moreover, the redistribution of radioactive elements in the DW layer is
significant from the geochemical perspective and
also from the dynamics viewpoint. It is known that
radioactive elements are an important internal heat
source in the Earth. According to this behaviour, the
DW layer enable an efficient migration of heat from
the core to the mantle. The efficiency of the cooling of
the Earth was likely to have changed before and after
the formation of the DW layer. A recent numerical
study on mantle convection including the phase transition from the orthorhombic Mg-perovskite to
CaIrO3-type phase supports these dynamical effects
at the base of the mantle [86].
Seismic studies of the anisotropy in the DW layer
indicates the presence of active convection. The
absence of seismic anisotropy in most of the lower
mantle has led to the suggestion that diffusion creep
is the dominant deformation mechanism [87], while
anisotropy in the DW layer indicates a transition in
deformation mechanism from diffusion to dislocation
creep. Dislocation creep follows a power-law function on shear stress, and leads to strongly preferred
crystal orientation under large strains. The CaIrO3type phase exhibits a layered structure. If this forms
a slip plane during deformation, then this slip plane
may become oriented parallel to the convective flow.
Many regions in the DW layer show that horizontally
polarized shear waves travel faster than the vertically
polarised one (V SH N V SV) [e.g., 5]. The calculated
anisotropy of this preferred crystal orientation is
consistent with the observed seismic anisotropy
[27]. This indicates that active horizontal flows
exist in the DW layer, the same as at top of the
mantle. In contrast, a region where V SH is lower
than V SV was observed under the Pacific Ocean.
This seismic anisotropy indicates that a large vertical
flow occurs under the Pacific Ocean at the bottom of
the lower mantle. Seismic tomography images show
that a large low-velocity region exists above the
V SH b V SV region in the lower mantle [88]. This
decrease in seismic velocity, which is correlated
with hot spots, seems to be associated with an
increase in temperature [89,90]. Therefore, a large
ascending plume under the Pacific Ocean originates
from the DW layer.
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